
Abstract Stable isotopes are a powerful research tool in
environmental sciences and their use in ecosystem re-
search is increasing. In this review we introduce and dis-
cuss the relevant details underlying the use of carbon and
oxygen isotopic compositions in ecosystem gas ex-
change research. The current use and potential develop-
ments of stable isotope measurements together with con-
centration and flux measurements of CO2 and water va-
por are emphasized. For these applications it is critical to
know the isotopic identity of specific ecosystem compo-
nents such as the isotopic composition of CO2, organic
matter, liquid water, and water vapor, as well as the 
associated isotopic fractionations, in the soil-plant-
atmosphere system. Combining stable isotopes and con-
centration measurements is very effective through the
use of “Keeling plots.” This approach allows the identifi-
cation of the isotopic composition and the contribution
of ecosystem, or ecosystem components, to the exchange
fluxes with the atmosphere. It also allows the estimation
of net ecosystem discrimination and soil disequilibrium
effects. Recent modifications of the Keeling plot ap-
proach permit examination of CO2 recycling in ecosys-
tems. Combining stable isotopes with dynamic flux mea-
surements requires precision in isotopic sampling and
analysis, which is currently at the limit of detection.
Combined with the micrometeorological gradient ap-
proach (applicable mostly in grasslands and crop fields),
stable isotope measurements allow separation of net CO2
exchange into photosynthetic and soil respiration compo-
nents, and the evapotranspiration flux into soil evapora-
tion and leaf transpiration. Similar applications in con-
junction with eddy correlation techniques (applicable to

forests, in addition to grasslands and crop fields) are
more demanding, but can potentially be applied in com-
bination with the Keeling plot relationship. The advance
and potential in using stable isotope measurements
should make their use a standard component in the limit-
ed arsenal of ecosystem-scale research tools.
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Introduction

The terrestrial biosphere is thought to play an important
role in the observed interannual and seasonal variability
of atmospheric CO2 concentrations, (i.e., the strength of
the biological carbon sink; Conway et al. 1994; Schimel
1995). Isotopic measurements also reflect seasonal and
interannual variability and indicate terrestrial uptake and
release of CO2 as the source of the observed variation
(Ciais et al. 1995, 1997). Recent evidence suggests that
climate, through its differential effects on photosynthesis
and respiration in terrestrial ecosystems, can have a sig-
nificant effect on the concentration and isotopic signature
of atmospheric CO2 (Keeling et al. 1996). At the ecosys-
tem scale, flux measurements such as reported by
Goulden et al. (1996a, 1996b) and isotopic measurements
such as reported by Flanagan et al. (1996, 1997) have re-
vealed interannual changes in productivity and respiration
driven by variations in temperature, soil moisture, and
other factors. Such measurements provide empirical
means for understanding the processes that govern pat-
terns of carbon storage and release in terrestrial ecosys-
tems, but our ability to understand processes at the prog-
nostic level, and make predictions about distinctive eco-
systems is still limited. There is therefore a further need
for information on ecosystem functioning in different en-
vironments and across different time scales. Such needs
have motivated the development of better techniques for
canopy-scale flux measurements (Baldocchi et al. 1988)
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and the establishment of measurement sites in major eco-
systems around the world (Goulden et al. 1996a; Grace et
al. 1996; Baldocchi 1997).

In most cases, “net” fluxes of water vapor, CO2, and
other trace gases exchanged between ecosystems and the
atmosphere are measured. These net fluxes, however, re-
flect the balance between different components. In the
case of CO2, two opposing fluxes contribute to the net
flux, uptake during photosynthesis and release during
respiration. For water vapor, leaf transpiration and soil
evaporation are the major contributors to the combined
net flux. Studies of these fluxes are complicated by CO2
recycling within canopies (i.e., refixation of respiratory
CO2 before it leaves the system), and redistribution of
water among ecosystem reservoirs. Distinguishing
among these components is critical to obtain insights in-
to the processes underlying ecosystem responses to cli-

mate forcing. This is because environmental parameters,
such as temperature and soil moisture, affect biological
activities differentially. Observing a net annual increase
in CO2 uptake of a forest, for example, is not sufficient
to determine whether this is due to an increase in ecosys-
tem photosynthesis or to a decrease in ecosystem respira-
tion.

Oxygen and carbon stable isotope compositions of
different ecosystem components provide a powerful tool
towards quantifying the contribution of different compo-
nents to the ecosystem exchange. When this tool is used
in conjunction with concentration or flux measurements,
even more information is derived. Deciphering the indi-
vidual fluxes of an ecosystem using stable isotopes re-
quires knowledge of the isotopic identity of the major
ecosystem components as summarized in a simplified
way in Fig. 1. Determining these isotopic signatures re-
quires, in turn, understanding the isotopic fractionations
associated with specific ecosystem processes and their
interactions during gas exchange. We briefly review here
our current knowledge of the isotope identity of different
ecosystem components and the relevant details underly-
ing its application to the study of ecosystem functioning.
A more comprehensive perspective of the stable isotope
methodology and its applications to a wide range of en-
vironmental studies can be obtained from compilations
of review articles in three recent edited volumes (Rundel
et al. 1989; Ehleringer et al. 1992; Griffiths 1998), and
from other reviews (Farquhar et al. 1989; Yakir 1992;
Flanagan and Ehleringer 1998; Bouton et al. 1999).

Isotopic identity of different ecosystem gas 
exchange components

Isotopic composition of water

Soil water and leaf water are the sources of the evapo-
transpiration that transfer large quantities of water and
energy (as latent heat) between the land surface and the
atmosphere. Evaporation also modifies the isotopic com-
position of water creating a natural isotopic signal for
different water reservoirs and fluxes (Gat 1996). The iso-
topic identity of leaf water and soil water affect the oxy-
gen isotopic signature of ambient carbon dioxide through
extensive oxygen exchange between these two constitu-
ents.

The principles underlying variations in the isotopic
composition of water vapor, δE, and the water surface
undergoing evaporation, δL, were first described by
Craig and Gordon (1965):

δE=[αeqδL–hδa–εeq–(1–h)εk]/[(1–h)+(1–h)εk/1000] (1)

where δ(‰)=[(Rsample/Rstandard)–1]1000, R is the ratio of
heavy to light isotope of the element of interest, sub-
scripts E, L, and a stand for evaporating water vapor, liq-
uid water body, and ambient air, respectively; αeq is the
equilibrium fractionation factor (α=Rp/Rr, where Rp and
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Fig. 1 Isotopic compositions of the major components and isoto-
pic fractionations important for the use of stable isotopes in the in-
vestigation of ecosystem water and CO2 exchange. The values are
rough approximations and can vary greatly with geographical lo-
cation and environmental conditions (given for demonstration pur-
poses only and based mostly on data from Israel). The main ad-
vantages of the isotopic approach lie in the unique labeling of flux
components: photosynthesis (depleted uptake) tends to enrich the
atmosphere, while respiration (depleted release) tends to deplete
the atmosphere in 18O and 13C; leaf transpiration and soil evapora-
tion are isotopically very different fluxes; root and soil respiration
can have distinct 13C labeling (values are on the SMOW and PDB
scales for δ18O and δ13C values, respectively)



Rr are the ratios in different phases of a substance),
which can also be expressed as εeq [i.e., ε=(1–α)1000;
εeq=9.8‰ for δ18O at 20°C; Majoube 1971]; similarly, εK
is the kinetic fractionation factor (15–30‰, with high
values for diffusive and low values for turbulent bound-
ary layers; Merlivat 1978); and h traditionally represents
the relative humidity of the ambient air normalized to the
temperature of the water surface. Eq.1 indicates that the
vapor is greatly depleted in 18O relative to the evaporat-
ing water body. The extent of this depletion is influenced
by the isotopic composition of the atmospheric vapor,
the relative humidity, and a fractionation associated with
the diffusivity of water molecules across the boundary
layer.

Good agreement has been observed between theoreti-
cal predictions using the Craig-Gordon model and exper-
imental results for soil water undergoing evaporation
(Zimmermann et al. 1966, 1967; Allison and Leaney
1982; Allison and Barnes 1983; Barnes and Allison
1988; Walker and Brunel 1990; Mathieu and Bariac
1996a, 1996b). Soil water becomes gradually enriched in
heavy isotopes of 18O, and a highly enriched “evapora-
tion front” usually develops at 0.1~0.5 m below the dry
soil surface (Barnes and Allison 1988). Below such
fronts, the isotopic enrichment decreases, exponentially,
with depth to the value of the source water in the system
(Zimmermann et al. 1966; Allison and Barnes 1983;
Walker and Brunel 1990). The time required for the de-
velopment of a steady-state isotopic profile can be long
(e.g., several months; Allison and Barnes 1983; Mathieu
and Bariac 1996a).

Leaves are usually treated as thin, well-mixed and
isotopically uniform water pools to which the Craig and
Gordon model (Eq. 1) can be applied (e.g., Farris and
Strain 1978; Förstel 1978). Due to the expected large ra-
tio of evaporation flux over water volume in leaves, leaf
water was generally assumed to be always near isotopic
steady state with respect to ambient environmental con-
ditions. Steady-state conditions, in turn, imply equality
of the isotopic compositions of the water entering, δs,
and leaving, δE, the leaf. By substituting δs for δE in Eq.
1, it can be solved for δL, termed δss, for leaf water at
steady state. This is often approximated by:

δss=δs+εeq+εk+h(δa–εk–δs) (2)

where h, relative humidity at the leaf surface tempera-
ture, can be replaced with the ratio of the partial vapor
pressures in the ambient air and inside the leaf (ea/ei),
and εK should represent the weighted mean of the kinetic
fractionation in the laminar leaf boundary layer and the
stagnant substomatal cavity (Flanagan et al. 1991). In
deriving Eq. 2, εK/1000 is assumed to be small.

Numerous studies have noted that the observed isoto-
pic composition of bulk leaf water is usually less en-
riched than that predicted by Eq. 2 (Dongmann et al.
1974; Leaney et al. 1985; Bariac et al. 1989; Walker et al.
1989; Yakir et al. 1989, 1990; Flanagan and Ehleringer
1991; Yakir 1992; Farquhar and Lloyd 1993; Roden and

Ehleringer 1999). Such differences were first proposed to
reflect the fact that Eq. 2 represents only the isotopic
composition at the evaporating cell wall surfaces within
the leaves, and not that of the mixed bulk leaf water. The
latter can be highly heterogeneous and involve slow mix-
ing between internal pools and the influence of vein wa-
ter (Leaney et al. 1985; Bariac et al. 1989; Walker et al.
1989; Yakir et al. 1989; Luo and Sternberg 1992). Per-
haps a more realistic approach was proposed by Farquhar
and Lloyd (1993) based on a one-dimensional advection-
diffusion model that directly incorporates the rate of tran-
spiration (T) and an effective mixing length (L):

δLW=δs+(δss–δs)(1–e–ρ)/ρ (3)

where ρ=(TL)/(CD) is a Peclet number, C represents mo-
lar concentration of water (5.56×104 mol m–3), D the dif-
fusivity of H2

18O in water (2.66×10–9 m2 s–1) (Wang
1954), T is the rate of transpiration and L is the effective
mixing length in the leaf. This approach, similar to that
of Zimmermann et al. (1967) applied to soils (see
above), considers a continuous isotopic gradient within
the leaf. This gradient is the result of the shifting balance
between the convective evaporation flux of unfractionat-
ed water through the leaf, and the back diffusion of iso-
topically enriched water away from the evaporating sites.
Note that Eq. 3 predicts an inverse correlation between
δLW (for bulk leaf water) and the rate of leaf transpira-
tion, T, and that the difference between δLW and δss will
increase with T (Bariac et al. 1989; Flanagan et al. 1991;
and see below). Roden and Ehleringer (1999; cf. Leaney
et al. 1985) suggested that the isotopic composition of
bulk leaf water can be corrected by an empirical, spe-
cies-dependent factor to obtain estimates of isotopic
composition of the water at the evaporating surfaces 
that are in good agreement with predicted δss values
(Eqs. 2, 3).

If plants are always near isotopic steady state
(Flanagan et al. 1991; Wang and Yakir 1995), then the
isotopic composition of the transpiration water vapor
flux will simply be that of the source water utilized by
the plants (i.e., xylem water derived from local soil wa-
ter at a certain depth; Dawson 1993; Bouton et al. 1999),
irrespective of the isotopic enrichment of leaf water. This
leads to a significant difference between the isotopic
composition of the highly fractionated evaporation flux
from the soil (δE, Eq. 1) and the unfractionated transpira-
tion flux through leaves (δs, when Eqs. 2 or 3 apply).
This, usually large, difference is the basis for using sta-
ble isotopes in tracing the soil evaporation and leaf tran-
spiration fluxes separately (Moreira et al. 1997; Wang
and Yakir, in press). Note that although the transpiration
flux through the leaf is often assumed to be unfractionat-
ed with respect to xylem water, the δ18O value of this
water can vary significantly (Wang et al. 1998). Sources
of such variations include soil depth profiles (Matheiu 
and Bariac 1996a), enrichment in stems (Dawson and
Ehleringer 1993) and seasonal effects (Dawson and Pate
1996; White et al. 1985).
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Carbon isotope ratios of CO2

The carbon isotope ratio of ambient CO2 is determined
by the δ13C values of respiratory CO2, the discrimination
by photosynthesis, and the rates of these processes rela-
tive to turbulent mixing with the atmospheric CO2 pool
(Sternberg 1989; Lloyd et al. 1996). The general as-
sumption is that there is little or no isotopic fractionation
associated with respiration processes (Lin and Ehleringer
1997; but see Duranceau et al. 1999; Gillon and Griffiths
1997), and the δ13C values of respired CO2 are mostly
determined by the mean isotopic composition of plant
biomass and soil organic carbon (Hungate et al. 1997;
Rochette and Flanagan 1997; Lin et al. 1999; Rochette 
et al. 1999). Note that due to diffusional fractionation
(εco2-diff=–4.4‰), soil respired CO2 is depleted in 13C rel-
ative to soil CO2. This is not apparent under steady-state
conditions, in which case, soil CO2 becomes enriched by
+4.4‰ and the δ13C of soil-respired CO2 approaches that
of the source organic material (Dörr and Münich 1987;
Cerling et al. 1991; Davidson 1995).

The relative proportions of C3 plants having average
δ13C values of about –26‰ to C4 plants having average
δ13C values of about –12‰ in ecosystems has important
influence on the isotopic identity of respired CO2. Ecosys-
tems, such as savannas or grasslands, which have a high
proportion of C4 plants, are expected to have respired CO2
with a less negative δ13C value than those with a greater
proportion of C3 plants such as temperate and tropical for-
ests. However, numerous complications can confound
these expectations. Different photosynthetic types may
dominate some ecosystems, such as croplands, tropical
flood plains, and deforested areas, at different periods of
time (Victoria et al. 1992; Buchmann and Ehleringer
1998). Soil organic carbon may retain the isotopic signal of
the previous vegetation for several years contributing to
differences between the isotopic composition of respired
CO2 and that of the biomass present at the time of sam-
pling (Buchmann and Ehleringer 1998). This phenomenon
is usually referred to as isotopic disequilibrium. Disequilib-
rium can also arise when soil organic matter is derived
from photosynthesis that occurred at a time when the car-
bon isotopic ratio of atmospheric CO2 differed from that of
the present day (Enting et al. 1995; Fung et al. 1997). The
continuous increase in the concentration of atmospheric
CO2 over the past hundred years is due to addition of 
13C-depleted CO2 from organic sources (fossil fuels and
biomass burning), a process that has progressively changed
the isotopic composition of the atmosphere (Troiler et al.
1996) and all biomass produced from atmospheric CO2.
This, in turn, results in a small difference between the
mean δ13C values of current biomass production and of
soil respiration that is derived from older biomass (Enting
et al. 1995; Fung et al. 1997).

Ecosystems with variations in the isotopic composi-
tion of biomass across spatial gradients also present a
problem in deciphering the isotopic composition of re-
spired CO2. For example, tropical forests exhibit hetero-
geneous isotopic signatures throughout their vertical pro-

files with upper canopy tissue δ13C values in the range of
–28 to –26‰, and understory tissue exhibiting δ13C val-
ues in the range of –36 to –32‰ (Medina and Minchin
1980; Sternberg et al. 1989; Medina et al. 1991). Since
determining the respiratory contribution by each compo-
nent of these ecosystems is nearly impossible, the isoto-
pic signature of respired CO2 is determined by “Keeling-
type” plots of isotopic and concentration measurements
carried out at night (discussed below).

The imprint in the δ13C values of ambient CO2 by
photosynthesis occurs because photosynthesis discrimi-
nates against 13C; therefore, the remaining atmospheric
CO2 pool will be enriched in 13C. The extent of this im-
print will also be influenced by the proportion of C3 and
C4 plants, since the former discriminates more against
13C than the latter. Carbon isotope ratios may be above
and concentration of CO2 below the atmospheric values
if the rate of photosynthesis is high relative to turbulent
mixing. This has been observed in tropical forests (Quay
et al. 1989) and in agricultural crops (Yakir and Wang
1996; Buchmann and Ehleringer 1998). Because photo-
synthetic discrimination is subject to diurnal and season-
al environmental influences, the photosynthetic imprint
by the ecosystem is also expected to vary on these time
scales.

Oxygen isotope ratios of CO2

The 18O of CO2 from both root respiration and soil de-
composition is strongly influenced by the oxygen isoto-
pic composition of the water with which it is in contact
(Hesterberg and Siegenthaler 1991; Amundson et al.
1998; Tans 1998; Stern et al. 1999). CO2 isotopically
equilibrates with water according to:

H2
18O(l)+CO2(g)↔H++[HCO2

18O]–
(aq)↔H2O(l)+CO18O(g)

(4)

The temperature-dependent value for the equilibrium
fractionation εeq-co2 between the oxygen in the 
CO2 and water is εeq-co2(T)=17604/T–17.93, where 
dεeq-co2/dT=–0.20‰/°C, so that at 25°C, εeq-co2=41.11‰
(Brenninkmeijer et al. 1983). Water must be in the liquid
phase for the hydration reaction to occur. The rate con-
stant for the isotopic reaction is two-thirds the rate of the
chemical reaction because of the three oxygens present
in the intermediate species (Mills and Urey 1940). With
the presence of carbonic anhydrase (CA), ubiquitous in
leaves and micro-organisms, equilibrium in Eq. 4 is
reached nearly instantaneously. The quantity of water
usually involved in Eq. 4 is many orders of magnitude
greater than that of the CO2 present, so isotopically
equilibrated CO2 will take on the oxygen isotopic ratio
of the water in which it is dissolved (modified by the
temperature-dependent equilibrium fractionation) re-
gardless of its initial δ18O value. In the simplest case,
δ18O of rainwater directly translates to the δ18O of soil
water, δsw, and, after equilibrium (Eq. 4 above) and ki-
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netic fractionation (εeff-soil) are taken into account, δ18O
of CO2 production by respiration (δp) is given by:

δp=δsw+εeq-co2+εeff-soil (5)

The diffusional, kinetic, fractionation of CO2 is ex-
pected to be 8.8‰ based on the binary diffusivities of
the isotopic species of CO2 in air. Near the soil surface,
however, the rate of CO2–H2O equilibrium is often too
slow compared to the rate of CO2 escape from the soil
(Stern et al. 1999). As a result, some 18O enrichment of
soil CO2 occurs which partially offsets the kinetic frac-
tionation with respect to the relevant soil water δ18O val-
ue. Global isotopic mass balance approaches have been
used to solve for the effective kinetic fractionation of
CO2 diffusing out of soil, εeff-soil, assuming that all other
terms were well known. These studies arrived at esti-
mates of 5.00 (Ciais et al. 1997) and 7.6‰ (Farquhar 
et al. 1993). Miller et al. (1999) used direct, small-scale
measurements to suggest a value of εeff-soil=7.0‰. Irre-
spective of respiratory activity, the 18O of atmospheric
CO2 is also influenced by invasion into soils. In this pro-
cess (Tans 1998; Miller et al. 1999), CO2 diffuses into,
and back out of, the soil (no net flux) allowing for isoto-
pic equilibration of ambient CO2 with soil water. Inva-
sion may be most important when soil moisture near the
surface is high and there is a stagnant boundary layer
above the soil, such as in forest during the night, or if
there is any enhancement of isotopic equilibrium (e.g.,
by CA activity in soils, for which there is currently no
direct evidence). Consideration of invasion is critical in
soil chamber experiments that include 18O measure-
ments.

While the simplest treatment of Eq. 5 above was by
assuming soil water δ18O to be constant and equivalent
to rainwater, in fact large variation in the δ18O of soil
water is observed. Soil water may become enriched near
the surface relative to water deeper in the soil profile by
evaporation (Allison and Barnes 1983; Mathieu and
Bariac 1996a). The extent to which this enriched water
affects the 18O of respired CO2 diffusing out of the soil
may be relatively small because of the slow rate of
CO2–H2O equilibration relative to the rate of CO2 escape
out of the soil (Stern et al. 1999). Miller et al. (1999) ob-
served that while the largest soil water enrichment oc-
curred in the top 5 cm of the soil, the effective depths
that influenced the δ18O value of soil respired CO2 were
5–15 cm. However, moisture above the soil surface such
as that in moss or surface roots exposed to evaporation
can re-equilibrate with soil-respired CO2, causing a devi-
ation in the isotopic signature of respired CO2 from that
equilibrated with bulk soil water (Flanagan et al. 1997;
Sternberg et al. 1998). Local soil water, δsw, may also
change seasonally because of changes in precipitation or
groundwater sources, or vegetative cover. For example,
Flanagan et al. (1997) observed a large effect of moss
cover in a spruce forest, which changed seasonally with
the extent of evaporative enrichment. On the other hand
Sternberg et al. (1998) observed seasonal changes in the

δ18O values of respired CO2 in a seasonal tropical forest
in eastern Amazon, yet no differences were observed in
the δ18O values of surface water. These authors hypothe-
sized that the difference in δ18O values of respired CO2
between seasons was related to seasonal changes in the
depth of root activity. Miller et al. (1999) observed a
change of 5‰ in the δ18O of soil water due to input of
snow-melt water in Colorado and a concomitant change
of 4‰ in the δ18O value of soil respired CO2. In addition
to actual changes in the δ18O of the source water, the
soil, or soil cover, water content influences the effective
hydration rate, and seasonal and spatial changes in tem-
perature will affect both εeq-co2 and the hydration rate
constant, kh (Eq. 4; Stern et al. 1999). Clearly, some
knowledge of the isotopic composition of the local hy-
drologic cycle is necessary to predict δsw and δp. Global
sampling networks such as IAEA and GNIP, as well as
efforts to model soil water such as Jouzel et al. (1987)
and Mathieu and Bariac (1996b), may provide much of
the needed information.

CO2 diffusing into leaves during photosynthesis dis-
solves and rapidly (catalyzed by CA) exchanges its oxy-
gen with water in the chloroplasts (C3 leaves) or meso-
phyll (C4 leaves). About one-third of the CO2 diffusing
into the leaves is fixed in C3 photosynthesis (more in
C4). The remaining two-thirds diffuses back to the atmo-
sphere after isotopically equilibrating with leaf water.
The retrodiffused CO2 (Fig. 2) is enriched in 18O relative
to the soil water that feeds the plant because of the evap-
orative enrichment of leaf water (Eqs. 2, 3). Photosyn-
thetic CO2 uptake by leaves is therefore associated with
18O enrichment of atmospheric CO2 (Francey and Tans
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Fig. 2 Major steps involved in the CO2 exchange between a C3
leaf and the atmosphere, and the isotopic labeling at these steps.
Note that the values for CO2 concentrations are a rough approxi-
mation and can vary among species and conditions, and that the
difference between the diffusion influx and the retroflux of CO2
constitutes the photosynthetic CO2 uptake



1987). Alternatively, this process can be viewed as ap-
parent discrimination, 18∆, against 18O by leaves, which
was quantitatively described by Farquhar and Lloyd
(1993) as:

18∆=[cc/(ca–cc)](δc–δa)+ā (6)

where 18∆=Ra/RA, Ra and RA are the oxygen isotope ra-
tios (R=18O/16O) of CO2 in the air and in the CO2 flux in-
to the leaf chloroplast and in the atmosphere, ā is the
weighted average fractionation during diffusion of CO2
from the atmosphere to the chloroplast, ca and cc are the
CO2 mixing ratios in the atmosphere and chloroplast, re-
spectively, and δa and δc are the δ18O values of CO2 in
the atmosphere and in equilibrium with chloroplast wa-
ter, respectively. Equation 6 was developed for C3 plants
in which CA is concentrated mainly in the chloroplast
and cc can be estimated from 13∆ as noted above. In C4
plants, CA and, therefore, 18O exchange occur mainly in
the mesophyll cells and cc and δc in using Eq. 6, would
refer to this site. Furthermore, the CO2 concentration at
the site of 18O exchange cannot be accurately estimated
in C4 plants.

The discrimination values, 18∆, are highly variable
among plant species (both C3 and C4) and environmen-
tal conditions, and modeled discrimination terms for dif-
ferent biomes can range from –20‰ to +32‰ (Farquhar
et al. 1993). Negative or positive 18∆ values stem from
its reference to δ18O of atmospheric CO2, and the geo-
graphical variations in δ18O values of leaf water. Com-
parison of modeled and measured ecosystem-scale 18∆,
however, indicate large discrepancies in the Amazon ba-
sin and further comparisons with other ecosystems are
necessary (Sternberg et al. 1998).

Much of the variation observed in 18∆ is related to the
variation in δ18O values of chloroplast water (often esti-
mated with Eq. 2; but see also Yakir et al. 1994; Gillon
and Yakir, in press), and the species-dependent retrodif-
fusion CO2 flux [cc/(ca–cc)]. Values of cc are difficult to
estimate. Leaf-scale measurements indicated that the
CO2 draw-down from the substomata cavities (ci, readily
estimated in leaf-scale measurements) to the chloroplast
is generally of the order of (ci–cc)/ca≈0.2 and cc/ca≈0.55,
(Fig. 2; Caemmerer and Evans 1991; Lloyd et al. 1992;
Loreto et al. 1992; Epron et al. 1995). Note, however,
that in C4 plants, internal CO2 concentrations are much
lower (ci/ca is typically ~0.3–0.4 with further draw-down
to the mesophyll cells where CO2 is fixed by PEP-
carboxylase).

There are two other factors that can influence esti-
mates of 18∆ with Eq. 6. First, cc represents the CO2
mixing ratio at the site of Rubisco (the primary photo-
synthetic enzyme in the chloroplast), but the CO2–water
equilibration occurs at the chloroplast or cellular mem-
branes. Due to large internal resistances to CO2 diffu-
sion, CO2 mixing ratios at these sites can be significant-
ly different from cc, influencing predictions of 18O dis-
crimination. Recently, the CO2 concentration at the site
of CO2–H2O equilibrium was defined as ccs and was 

estimated to be about midway between ci and cc,
(ci–ccs)/ca≈0.1 (Wang et al. 1998; Yakir 1998; Gillon
and Yakir, in press). Second, Eq. 6 assumes full isotopic
equilibrium between CO2 and chloroplast water, due to
the presence of CA. In leaf-scale studies, data agreed
better with predictions when only partial equilibration
was assumed (Williams et al. 1996). Studies on a range
of C3 and C4 species indicated a large range of CA ac-
tivities, and that full isotopic equilibrium is likely
achieved in dicot C3 species only at low rates of assi-
milation, and not for monocot C3 or C4 species (J.S.
Gillon and D. Yakir, unpublished data). In monocot C3
and C4, oxygen isotopic exchange reached only about
80% of equilibrium, and the appropriate correction to
Eq. 6 was applied. A direct estimate of the extent of iso-
topic equilibrium (θeq) can be obtained from the ratio of
the observed 18O discrimination during on-line CO2
measurements (18∆ca) and the potential discrimination
assuming full equilibration with measured chloroplast
water δ18O (18∆ea; i.e., θeq≈18∆ca/18∆ea) (Gillon and Yakir,
in press). Farquhar and Lloyd (1993) also proposed an
indirect correction to Eq. 6 in which the extent of equi-
librium is related to the ratio, ρ, of Rubisco to CA activ-
ities.

Some uncertainties are still associated with estimating
the 18O signal of CO2 exchange with soil and leaves. For
example, it is not clear if enhancement of the CO2–H2O
exchange can occur as a result of CA activity, or other
factors, in soil. Also unclear is which internal CO2 con-
centrations should be used in estimating ∆18O. Resolu-
tion of these uncertainties will provide the essential fine-
tuning of the system. Even with the uncertainties, how-
ever, large differences can be expected between soil-re-
spired CO2 and leaf exchange flux at most locations. The
soil-respired CO2 will largely reflect 18O-depleted soil
water, while the leaf CO2 exchange flux will reflect the
large 18O enrichment of leaf water. This difference al-
lows identification of CO2 sources and sinks in the eco-
system and may allow actual estimates of the individual
photosynthetic and respiratory fluxes (see below).

Combining isotopic composition and concentration 
measurements

Stable isotope signatures of CO2 along with CO2 concen-
tration measurements provide the basis for “Keeling-
type” plots (Keeling 1958, 1961). The equation used in
the Keeling plot is derived from the basic assumption
that the atmospheric concentration of a substance in an
ecosystem reflects the combination of some background
amount of the substance that is already present in the at-
mosphere and some amount of substance that is added or
removed by sources or sinks in the ecosystem:

CE=Ca+Cs (7)

where CE, Ca, and Cs are the concentrations of the sub-
stance in the ecosystem, in the atmosphere, and that con-
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tributed by ecosystem sources, respectively. Isotope ra-
tios of these different components can be expressed by a
simple mass balance equation:

CEδE=Caδa+Csδs (8)

where δE, δa, and δs represent the isotopic composition
of the substance in the ecosystem, in the atmosphere, and
of the sources, respectively. Combining Eqs. 7 and 8:

δE=Ca(δa–δs)(1/CE)+δs (9)

This is a linear relationship with a slope of Ca(δa–δs) and
an intercept at the δs value of the net sources/sinks in the
ecosystem. Note that even if the ecosystem source/sink
is composed of several different subsources/sinks, the
Keeling-type plot can still be used as long as the relative
contribution of each of these subcomponents remains
fixed.

This relationship was first used by Keeling (1958,
1961) to interpret carbon isotope ratios of ambient CO2
and to identify the sources that contribute to increases in
atmospheric CO2 concentrations on a regional basis. La-
ter, researchers used this expression to identify the isoto-
pic composition of respired CO2 in forest ecosystems
(Quay et al. 1989; Sternberg et al. 1989, 1997; Buch-
mann et al. 1997a, 1997b; Harwood et al. 1999). More
recently, the derivation of the isotopic composition of re-
spired CO2 has been used to determine ecosystem carbon
isotope fractionation (∆e) by the following equation:

∆e=(δtrop–δresp)/(1+δresp) (10)

where δtrop and δresp represent the δ13C values of tropo-
spheric and respired CO2, respectively (Flanagan et al.
1996; Buchmann et al. 1998). A modified equation
(∆e=δatm–δresp) was also used by Bakwin et al. (1998) to
estimate regional-scale biological discrimination. Note
that in these equations, the traditional use of δresp
(Keeling 1961) is applied for both nighttime and daytime
measurements. This term would be better represented by
δs (Eq. 9), which includes effects of both respiration and
photosynthesis and will be equal to δresp only for night-
time measurements. Whole-ecosystem discrimination
was also assessed by relating the isotopic composition of
CO2 in the convective boundary layer (CBL), which in-
tegrates the effects of photosynthesis, respiration, and
turbulent transport, to the isotopic composition of tropo-
spheric CO2 (Lloyd et al. 1996; Nakazawa et al. 1997).
Whole-ecosystem discrimination and CBL measure-
ments can increase the window of observation to land-
scape or regional scale. This approach can help, first, in
quantifying the contribution of C3 or C4 vegetation to
productivity such as in tropical areas (Lloyd et al. 1996;
Miranda et al. 1997) and, second, in providing the land-
scape- to regional-scale discrimination parameters re-
quired as inputs for global-scale studies (e.g., Fung et al.
1997).

One of the problems with the Keeling-type plot is that
the extrapolated intercept from the linear regression is

many units away from the actual measurements. There-
fore, small errors in measuring either the isotope ratios
or concentration of the component of interest can lead to
large errors in the extrapolation (such problems apply to
both water and CO2 measurements). Recycling of re-
spired CO2 can be another possible factor that contrib-
utes to errors in estimating the δ values of respired CO2
(Sternberg 1989).

Very little is known about CO2 recycling in ecosys-
tems and it can be defined in different ways. Sternberg
(1989) defined a recycling index, φS, as the proportion of
respired CO2 refixed by photosynthesis relative to the to-
tal respiration flux. Consequently, a modified Keeling
equation that takes this recycling index into account was
developed (Sternberg 1989):

δF={(δa–δR)[CO2]a(1–φS)1/[CO2]F}+δR+φS∆ (11)

where δF, δa, and δR are the δ13C value of ambient (for-
est), atmospheric, and respired CO2, respectively, [CO2]a
and [CO2]F are the concentrations of tropospheric and
ambient CO2, respectively, and ∆ is fractionation in pho-
tosynthesis. When there is no recycling (i.e., φS=0), 
Eq. 11 reduces to Eq. 9, the simpler Keeling-type equa-
tion. Using this equation, recycling rates ranging from
7% to 40% have been estimated (Broadmeadow and
Griffiths 1993; Sternberg et al. 1997). Further study of
respiratory CO2 recycling in different ecosystems and
conditions is clearly needed. Such studies should also
consider that recycling cannot be derived by pooling data
from several layers in the forest profile and deriving re-
cycling from slopes and intercepts of the regression
equation (Lloyd et al. 1997; Sternberg 1997). Differ-
ences in fractionation and photosynthetic rates at differ-
ent levels of the forest could lead to spurious slopes and
intercepts.

Lloyd et al. (1996) proposed a different recycling in-
dex (ΦL) derived from micrometeorological flux mea-
surements and that measures the relative proportion of
respired CO2 fixed by photosynthesis relative to the total
CO2 assimilated. As noted by Sternberg (1997), the two
recycling indexes provide estimates of different quanti-
ties and replacement of one by another is not justified.
The different definition of [CO2]a and δa (Eq. 11) in the
two approaches should, however, be noted. Lloyd et al.
(1996) reasoned that because there are substantial differ-
ences in the concentration and isotopic composition be-
tween CO2 in the CBL and the troposphere, the CBL val-
ues, representing the actual air that enters the canopy,
should be used in this equation. Sternberg (1997) argued
that differences between CO2 in the CBL and the tropo-
sphere are brought about by the interaction of the very
processes under study: respiration, turbulent mixing, and
photosynthesis. The concentration and isotopic composi-
tion of tropospheric CO2 should therefore better repres-
ent the true end-member of the mixing model described
by Eq. 11.

The Keeling expression has also been used to identify
the source of water vapor to the evapotranspiration flux
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of ecosystems (Bariac et al. 1989; Brunel et al. 1992;
Yakir and Wang 1996; Moreira et al. 1997; Harwood et
al. 1999). When using the Keeling expression for this
purpose two assumptions must be made: (1) there is no
loss of water vapor by the ecosystem other than that lost
by turbulent mixing with the atmospheric pool (for ex-
ample, no vapor can condense out of the ecosystem dur-
ing measurements); (2) there are no more than two
sources having distinct isotopic composition for the ev-
apotranspired water vapor. To simplify the analysis, a
useful assumption is that transpiring plants are under iso-
topic steady state, thus making the isotopic composition
of transpired water vapor the same as stem water (cf.
Eqs. 1, and 2 above). Harwood et al. (1998) demonstrat-
ed that direct measurement of transpired water vapor
from leaves in the field is possible, eliminating the re-

quirements for a steady-state assumption. This is signifi-
cant because both Wang and Yakir (1995), using leaf-
scale studies, and Harwood et al. (1998), in a canopy-
scale study, showed that the steady-state assumption is
only an approximation. Leaf water may lag behind the
meteorologically derived isotopic steady state (Eq. 2).
As a result, the δ18O value of the transpired water vapor
is somewhat lower in the morning and higher in the af-
ternoon than the stem water δ18O value expected at
steady state. Note, however, that on diel and longer time-
scales, leaf water must be at steady state, as plants do not
progressively accumulate any of the isotopes. Using the
Keeling approach in a wheat field (Yakir and Wang
1996), Amazonian forest (Moreira et al. 1997), and Eu-
ropean oak forest (Harwood et al. 1998), the isotopic
composition of vapor along a height gradient was re-
gressed on the inverse of the water vapor concentration
to derive the isotopic composition of the evapotranspira-
tion source (the intercept of the best-fit line to the data;
Fig 3). In these studies, the calculated δ18O value of the
evapotranspired vapor closely matched the δ18O value of
plant stem water. Considering assumption 2 above led to
the conclusion that most, if not all, of the evapotran-
spired water vapor in these study sites was generated by
transpiration. In a latter study (Moreira 1998), the isoto-
pic composition of the respective sources (transpira-
tion/evaporation, from stem water and soil evaporation;
Eq. 1) together with the estimate of the isotopic com-
position of the evapotranspired water vapor (from a
Keeling plot) were used to calculate the percent contri-
bution by transpiration:

FT(%)=(δET–δE)/(δT–δE) (12)

where FT(%) is the fractional contribution by transpira-
tion to the evapotranspiration flux, and δET, δE,and δT are
the isotopic compositions of evapotranspiration vapor,
evaporative and transpiration vapor sources, respective-
ly. Estimates of δT were obtained from measurements of
stem water and of δE from Eq. 1 using measurements of
soil water. Values of FT(%) ranging from 76 to 100%
were observed in two different forests in the Amazon ba-
sin.

Wang and Yakir (in press) used a similar approach
with data from wheat fields to test the sensitivity of the
isotopic partitioning of ET into soil evaporation and leaf
transpiration to estimates of δE. Here too, δET was ob-
tained by a Keeling plot (–4.2‰), and δT was estimated
for stem water based on the steady-state assumption
(–2.9‰). Measurements of stem water were also used as
estimates of soil water and δE was calculated to be
–39.1‰ with Eq. 1. These data yielded estimates of
FT(%) for the wheat fields in the range of 96–98% and
the sensitivity of these ratios to uncertainties in estimat-
ing δE was tested as shown in Fig. 4. Evidently, esti-
mates of FT(%) rely on the large difference between δT
and δE that are normally observed (e.g., –2.9 vs
–39.1‰). Such differences can diminish if large isotopic
enrichment due to evaporation occurs near the soil sur-
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Fig. 3 Possible relationships between δ2H and δ18O values of am-
bient vapor versus the inverse of its concentration in a forest. The
upper line represents a situation where evapotranspiration is solely
generated from transpiration, the bottom line represents a situation
where evapotranspiration is solely generated from evaporation,
and the shaded area represents a case where evapotranspiration is
generated from both transpiration and evaporation

Fig. 4 Relationships between the ratio of leaf transpiration (T)
over total evapotranspiration (ET) and estimates of the δ18O val-
ues of the soil evaporation flux in a mature wheat field on two dif-
ferent dates. The δ18O values of leaf transpiration and soil evapo-
ration were estimated directly from measured values of stem wa-
ter, or calculated from stem water values and Eq. 6, respectively.
The δ 18O value of the total ET flux was estimated with a “Keeling
plot”



face. Figure 4 demonstrates, however, that only when the
soil becomes exceedingly dry and soil water approaches
isotopic steady state, does sensitivity increase. This is
encouraging in light of the results of Mathieu and Bariac
(1996a, 1996b) that demonstrate the slow approach to
isotopic steady state of soil water. Such slow approaches
to steady state can take several months and are often not
attained between rain (or irrigation) events.

Combining isotopic composition and flux 
measurements

The first applications of stable isotopes to canopy-scale
flux measurements used a flux-gradient approach, with
the isotopic composition and concentration gradients of
atmospheric moisture. Such studies, mostly in soil and
similar media, provided important reassurances with re-
spect to the applicability of the isotope mass balance ap-
proach at the canopy and field scales (Zimmermann et al.
1966, 1967; Allison and Leaney 1982; Allison and 
Barnes 1983; Barnes and Allison 1988; Walker and
Brunel 1990). Brunel et al. (1992) used the isotopic com-
position of atmospheric water vapor (collected over 
6–7 h) above a rice field to show that it provides a faith-
ful tracer of ET.

The dynamics of canopy-scale net fluxes of water and
CO2 exchanged between vegetation and the atmosphere
are routinely measured with micrometeorological meth-
ods (e.g., with eddy covariance; Baldocchi et al. 1988).
Combining these methods with isotopic measurements
should allow partitioning of a net flux into its gross flux
components. To understand this idea, assume FN is a net
flux of a chemical constituent (e.g., CO2 or water vapor)
which is composed of two gross flux components, F1
and F2 (e.g., photosynthetic CO2 uptake and soil respira-
tion, or leaf transpiration and soil evaporation, respec-
tively), such that FN=F1+F2. Each flux carries a unique
isotopic identity, δ1, δ2, and δN (e.g., the δ values of CO2
taken up in photosynthesis, released in soil respiration,
and of the combined net flux, respectively) and isotopic
mass balance takes the form:

FNδN=F1δ1+F2δ2 (13)

F1=[FNδN–(FN–F1)δ2]/δ1 (14)

F2=[FNδN–(FN–F2)δ1]/δ2 (15)

By rearrangement we obtain estimates of the component
gross fluxes:

F1=FNφ1; F2=FNφ2 (16)

where φ1=(δN–δ2)/(δ1–δ2) and φ2=(δ1–δN)/(δ1–δ2). Thus,
knowledge of the net flux, FN, and the isotopic signa-
tures δN, δ1, and δ2 allows us to derive an estimate of the
component gross fluxes. FN and δN may be directly esti-
mated by micrometeorological techniques; values of δN

can also be estimated from Keeling-type plots. But the
specific isotopic signatures, δ1 and δ2, must be indepen-
dently estimated from plant and soil samples of organic
material or water, or from leaf-scale gas exchange mea-
surements. Sampling and estimates of δ1 and δ2 must
also consider heterogeneity in the ecosystem and be rep-
resentative of the relevant scale (determined by the type
of micrometeorological measurement).

There are now several methods for estimating cano-
py-scale net fluxes (FN) and continuous progress in sta-
ble isotope research provides optimism both in resolving
δN in canopy-scale measurements and in estimating the
isotopic identity of ecosystem components (δ1, δ2). Parti-
tioning of net fluxes by adding the isotopic analyses
should, therefore, be limited mostly by technical and in-
strumental limitations. Mass spectrometric analysis has
also progressed over the last decade with smaller and
more robust instruments and a variety of associated auto-
mation. The best precision in isotopic measurements 
of CO2 is currently about ±0.03‰ for δ13C and δ18O
(J.W.C. White, personal communication; cf. Troiler et al.
1996) and at least 0.1‰ for 18O in water (e.g., Yakir and
Wang 1996). Observed gradients in isotopic composition
in canopy boundary layers are of the order of 0.3‰/m
for 13C and 18O in CO2, or typically 0.02–0.1‰/ppm
CO2, for both 18O and 13C, and of the order of 0.6‰/m
for 18O in water (e.g., Lloyd et al. 1996; Yakir and Wang
1996; Moreira et al. 1997; Nakazawa et al. 1997; Buch-
mann and Ehleringer 1998; Harwood et al. 1998). The
larger isotopic gradients are observed, however, only
above vegetation with high photosynthetic rates and un-
der optimal conditions. Furthermore, it is difficult to
sample CO2 and water vapor rapidly without fraction-
ation; therefore, measurements of isotopic signals in
conjunction with dynamic flux measurements are at the
current detection limits.

While the techniques discussed above are currently
very demanding, a simple alternative to evaluate canopy-
scale ET in arid conditions based on leaf sampling and
standard meteorological monitoring has been proposed
by Wang and Yakir (in press). This technique is based on
the discrepancy (discussed above) between the observed
and predicted isotopic enrichments of leaf water (Eq. 2).
Notably, Eqs. 2 and 3 show that the extent of the differ-
ence between modeled (δss) and observed (δLW) isotopic
compositions of leaf water (δss–δLW) is related to the rate
of leaf transpiration (cf. Flanagan et al. 1991). Seasonal
variation in δss–δLW, obtained from leaf and stem sam-
ples (for δLW), and from a local meteorological station
(for δss, Eq. 2), was observed in a desert agroforest
system of Acacia seligna in the central Negev region, 
Israel. Periodic measurements of ET fluxes from the
same acacia plots were carried out by the Bowen ratio
method (W. Zhao and P.R. Berliner, unpublished data). A
pronounced decrease was observed in the ET flux during
the season (Fig. 5). Note that in this desert environment,
the contribution of soil evaporation to total ET flux is
negligible except for shortly after the rainy season. The
linear correlation observed between ET and δss–δLW
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(Fig. 5) demonstrate the usefulness of the isotopic com-
position of leaf water as an indicator of seasonal trends
in ET. Furthermore, the simplified relationships between
ET and δss–δLW in arid locations (i.e., where soil evapo-
ration is negligible) shows the promise of this approach
for estimating canopy-scale leaf transpiration in non-arid
environments (i.e., where soil evaporation is significant).
When combined with micrometeorological flux mea-
surements of ET, such isotope approaches may allow es-
timation of the transpiration flux and FT(%).

Micrometeorological measurements of trace gas ex-
change are commonly made using the flux-gradient or
eddy correlation techniques. The flux-gradient technique
combines an eddy diffusivity and concentration gradient
with height to calculate the flux (Baldocchi et al. 1988).
The main advantages of the gradient approach are that
large gradients can be observed over several meters be-
tween sampling heights, and it does not require fast-re-
sponding instruments. Measurements inside plant cano-
pies, however, are not possible because of possible coun-
ter-gradient transport (Baldocchi et al. 1988). This flux-
gradient technique can be readily adapted to include iso-
topic measurements. Air samples, or air moisture sam-
ples, are collected at the same heights, over the same
time intervals and shipped to a stable isotope laboratory.

The concentration and isotopic data can then be used to
produce a Keeling plot, which may give an estimate of
the isotopic identity of the net flux, δN (cf. δs in Eq. 9).
Estimation of δN in this method, as pointed out previous-
ly, may be subject to errors caused by the heterogeneity
of the vegetation and the fact that small errors in mea-
surements can lead to large errors in the intercept (δN).
Sampling of soil, stem and leaf water, and soil organics
representative of the underlying vegetation can provide
the necessary information to estimate the relevant isoto-
pic signatures of the soil and leaf exchange flux (δ1 and
δ2 for either water or CO2). More directly, some of these
signatures can be obtained from leaf-scale gas exchange
and/or isotopic measurements carried out concomitantly
in the field (e.g., Harwood et al. 1998; Wang et al. 1998),
or by Keeling plots for data obtained within the canopies
to determine isotopic identities of soil fluxes. Yakir and
Wang (1996) have successfully used the gradient ap-
proach to partition net ecosystem exchange of CO2 into
photosynthetic assimilation and respiration for several
crop species. Such studies provide confidence in the fea-
sibility of the flux-isotope approach, which is clearly
supported also by other canopy-scale isotopic studies
(Flanagan et al. 1997; Moreira et al. 1997; Buchmann
and Ehleringer 1998).

In using the gradient/isotope approach to partition net
fluxes, at least two approximations should be noted.
First, we assume that the two flux components originate
at the same place and ignore small (relative to the preci-
sion of measurement) differences in the concentra-
tion/isotopic profiles when they differentially originate
from the soil and canopy levels. Second, a sample of the
background atmosphere is usually taken upwind of the
sampling site, or above the canopy boundary layer, and
is assumed to be constant (within the measurement preci-
sion) across the concentration/isotope gradient profile
measured.

In the above discussion, no distinction is made be-
tween the use of 18O or 13C in CO2 as the same princi-
ples apply in both cases. The preferred choice can vary
among locations and with the advancement of metho-
dology. Important prerequisites for the application of
the isotopic approach are the existence of the differ-
ences between δ1 and δ2 and between δN and δa. Differ-
ences between δ1 and δ2 in 13C may be small in estab-
lished ecosystems where the δ13C values of decompos-
ing and newly fixed organic matter are very similar.
But diurnal (Harwood et al. 1998) and seasonal
(Flanagan et al. 199647; Buchmann et al. 1997a,
1997b) variations in photosynthetic discrimination, as
well as possible disequilibrium due to slow turnover of
soil carbon (Enting et al. 1995; Fung et al. 1997) are
likely to help in this respect. In contrast, considerable
differences in 18O between δ1 and δ2 can be generally
expected because of the large 18O enrichment in leaf
water. The larger signal in 18O is clearly observed in the
18O/CO2 gradients in tropospheric samples, which are
about twice as large as for 13C/CO2 (Nakazawa et al.
1997). Similar differences are also observed in the sea-
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Fig. 5 Seasonal changes in the rate of evapotranspiration (ET)
measured by micrometeorological methods (Bowen ratio) in a de-
sert agroforest system in the Negev desert (a), and relationships
between the seasonal trend in ET and in the isotopic difference
(δss–δL) between the predicted (based on local meteorological con-
ditions) and measured mean δ18O values of leaf water (b). While
both isotopic values are influenced by meteorological conditions
(primarily relative humidity), the difference is expected to be in-
versely proportional to the rate of transpiration through the leaves



sonal amplitude in 18O or 13C of atmospheric CO2
(Troiler et al. 1996). Such differences may provide a
significant advantage for 18O over 13C as tracer for par-
titioning leaf and soil CO2 exchange. This advantage
may be restricted, however, in locations where geo-
graphical variations in source water impose similar δN
and δa values, in locations where very high relative hu-
midity (e.g., tropics) reduces leaf water enrichments, or
by the larger scatter in 18O data (e.g., Sternberg et al.
1998; Bowling et al. 1999b).

The flux-profile relationships utilized above crop
fields and grasslands (cf. Cellier and Brunet 1992) may
not be valid, and are therefore not generally accepted,
above forests. In forests, the eddy correlation method of-
fers a more direct approach to flux measurements 
(Baldocchi et al. 1988, 1996; Wofsy et al. 1993). In this
case, a fast-responding sonic anemometer is used to indi-
cate the velocity and direction of the vertical air move-
ment component (up or down eddies). A fast-responding
analyzer records the concentration of the trace gas of in-
terest in conjunction with anemometer measurements.
Once data are collected over an appropriate time interval
(e.g., 30 min), the concentration measurements can be
separated to those related to eddies moving up from the
canopy or down into the canopy and the net eddy flux
calculated.

Fast-responding isotope analyzers with the required
precision are not available at present and the eddy corre-
lation technique cannot be directly combined with in situ
stable isotope measurements to estimate δN (Eqs.
13–16). Alternatively, independent methods, such as the
Keeling plot, with certain caveats, can be used to esti-
mate δN. This requires that the data used to construct the
Keeling plot represent the same time interval and foot-
print as the eddy correlation system. Isotopic data for
Keeling plot estimates can be obtained by slow flask
sampling and laboratory analysis. Bowling et al. (1999b)
have recently argued that in the range and precision of
data obtained for Keeling plots, the relationships be-
tween CO2 concentration and δ18O or δ13C are practical-
ly linear such that the equation δ=mc+b (where δ and c
are the measured isotopic and concentration values) can
be used to predict the isotopic composition based on the
component concentration. If the data are representative,
such a relationship can be used, with conventional eddy
correlation equations (Baldocchi et al. 1988, 1996;
Wofsy et al. 1993), to produce the isotopic flux of 13CO2,
F13, or similarly for 18O, F18:

(17)

where ρ is the density of dry air, ω is the vertical wind
velocity component (positive and negative values corre-
spond to up/down) and c is the mixing ratio or mole frac-
tion of the chemical constituent with respect to dry air.
An overbar indicates a time-averaged quantity and a
prime indicates deviation from the mean. c is measured
by the eddy correlation system and the constants m and b
are derived from a plot of δ vs c based on concurrent

flask sampling. Assuming the 13C signature of the bio-
logical system, δN, is a constant at the measurement
scale, F13 and F18 correspond also to FNδN.

To date, difficulties still exist in precise estimates of
the components of Eq. 17. Recent studies have ad-
dressed the differences between the Keeling relation-
ship as determined from slow, whole-air flask sam-
pling, and that of eddy covariance sampling (Bowling
et al. 1999a). Additionally, isotopic analyses are incor-
porated into studies using conditional sampling tech-
niques (relaxed eddy accumulation, REA, where fast-
responding analytical instruments are replaced with a
fast-responding valve system and an accumulator that
collect separate air samples from “updraft” and “down-
draft” eddies over a time interval; Businger and Oncley
1990; Bowling et al. 1998, 1999a). This approach
should allow independent validation of Eq. 17 by di-
rectly measuring F13 and F18, but has not yet yielded
clear results (D.Y. Hollinger, personal communica-
tion; D.R. Bowling, personal communication). Once
further studies, currently underway, provide validation
of Eq. 17 or overcome difficulties in REA techniques,
then considerable promise exists for coupling stable
isotope analysis to eddy covariance techniques, and es-
timating the independent contributions of gross photo-
synthetic and respiratory fluxes to net ecosystem CO2
exchange.

Global implications

The isotopic signal of CO2 exchanged between ecosys-
tems and the atmosphere has important implications for
global-scale studies of the carbon cycle and the atmo-
spheric budget of CO2. Incorporation of 13C analysis of
CO2 enabled the distinction between CO2 exchange
with the ocean or with the land biosphere (e.g., Tans et
al. 1993; Ciais et al. 1995; Francey et al. 1995). It is
now anticipated that 18O analyses of CO2 will enable
the partitioning of global-scale net CO2 exchange flux-
es on land into its photosynthetic (gross primary pro-
ductivity, GPP) and respiration (ecosystem respiration,
R) components. The potential in this approach was first
noted by Francey and Tans (1987) followed by more re-
cent studies (Farquhar et al. 1993; Ciais et al. 1997; 
Peylin et al. 1999). These studies have shown, first, that
the 18O signature of biospheric activities is clearly ob-
served in the global atmosphere (as latitudinal gradients
and seasonal variations) and, second, that for a first ap-
proximation, the global-scale 18O mass balance of at-
mospheric CO2 is consistent with ecosystem processes.
These studies also clearly highlighted the critical need
to reduce uncertainties associated with the isotopic sig-
natures of leaves and soil. The burden in reducing these
uncertainties lies mostly with process-based studies at
the laboratory and ecosystems, such as those discussed
in this review.

In global-scale studies, information on whole-ecosystem
discrimination is integrated for the entire globe and on an
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annual scale, as in a CO2 δ18O budget (Farquhar et al. 1993;
Ciais et al. 1977; Miller et al. 1999):

(18)

where

(19)

c refers to concentrations, F to fluxes, δ to isotopic ra-
tios, and A to net photosynthetic assimilation (equivalent
to GPP). Subscripts represent the reservoirs from which
CO2 leaves or enters: a for atmospheres, o for oceans, 
ff for fossil fuels, bb for biomass burning, l for leaves, s
for soil; eq refers to soil CO2 in equilibrium with soil
water, and I refers to invasion of atmospheric CO2 into
soils (Miller et al. 1999). ε refers to the kinetic fraction-
ation associated with fluxes between reservoirs. δa and
Ca are known accurately by measurement (e.g., Troiler et
al. 1996). The fossil fuel flux is well known and its iso-
topic composition is assumed to be that of atmospheric
O2. Although the oceanic exchange flux (Foa) is large,
the isotopic disequilibrium between the ocean and atmo-
sphere is relatively small, so its influence on the atmo-
spheric isotopic value is also small. The biomass burning
flux is relatively small and its isotopic signature is also
assumed to be that of atmospheric O2. It is the soil and
leaf components that dominate the uncertainty in Eq. 18.
Soil and leaf isotopic fluxes each contribute roughly five
times more to the atmospheric signal of δ18O than either
the oceanic or fossil fuel components, which are the next
most significant terms. Combining estimates of net eco-
system productivity (from 13C or O2) with accurate mea-
surements and modeling of the 18O signals of soils and
leaves should allow the use of Eq. 18 to better estimate
Fsa and FA and consequently GPP and R.

A similar isotopic mass balance is also used with 13C
(e.g., Fung et al. 1997). As indicated above, such ap-
proaches allow for the distinction between oceanic and
terrestrial CO2 fluxes. But it also critically depends on
quantitative estimates of photosynthetic discrimination
which must come from ecosystem-scale studies such as
those discussed above. Note that as the scale of observa-
tion increases and the systems become more heterogene-
ous, they become increasingly difficult to characterize
isotopically. Lloyd and Farquhar (1994) derived biome-
scale 13C discrimination by combining global vegetation
maps, and modeling leaf-scale physiological and ∆ (13C
discrimination) responses to climatic conditions across
the globe. Buchmann and Ehleringer (1998) suggested
that whole-ecosystem discrimination (∆e) should be de-
rived from comparing tropospheric CO2 concentration
and isotopic composition, and the 13C signature of total
ecosystem respiration (Eq. 10). As discussed in detail
above, the latter could be obtained from Keeling-type
plots based on air sampling above or within the plant

canopies over the diel cycle (Buchmann and Ehleringer
1998), or from aircraft measurements (e.g., Nakazawa 
et al. 1997). Lloyd et al. (1996) estimated whole-ecosystem 
discrimination by relating the isotopic composition of
CO2 in the CBL to the isotopic composition of tropo-
spheric CO2.

As noted above, ecosystem and regional-scale studies
are also important for estimating the contributions of C3
and C4 vegetation to global-scale GPP (Lloyd and Far-
quhar 1994; Fung et al. 1997; cf. Ehleringer et al. 1997;
Bakwin et al. 1998). The use of 13C to estimate C3/C4
contribution to GPP is quite obvious, based on the large
differences in discrimination between the two photosyn-
thetic modes (but note the complications due to disequi-
librium effects discussed above). That there should be
large C3/C4 differences also in 18O discrimination is be-
coming evident. This is first due to the lower internal
CO2 concentration (Ci) in C4 leaves and the expected ef-
fect of Ci on 18O discrimination (Farquhar and Lloyd
1993), but also to the low CA activity in these plants
(J.S. Gillon and D. Yakir, unpublished data). In the fu-
ture, regional- and global-scale measurements of both
13C and 18O in atmospheric CO2 should provide addi-
tional constraints on estimates of C3/C4 contributions to
global productivity on land, and variations across sea-
sonal and longer time scales.

Conclusions

We have shown that the application of stable isotope
analysis provides great potential to the investigation of
individual fluxes responsible for the net exchange of
CO2 and water in an ecosystem. Additional research is
required in several areas. There is still no way of deter-
mining the isotopic identity of CO2 and water vapor
sources other than by the extrapolation using Keeling-
type plots, which are subject to errors. Furthermore, we
need to better understand the source of respired CO2
among root respiration, organic matter decay, and above-
ground respiration in natural systems. The 18O labeling
of respiratory CO2 is not yet well understood and can in-
volve equilibration with water in different depths, en-
hancement of the equilibrium by CA or other soil com-
ponents, substantial effects of invasion of atmospheric
CO2 into the soil and equilibration of respired CO2 with
aboveground moisture. 18O discrimination by leaves, and
differences in discrimination between C3 and C4 plants
need to be better characterized. Keeling-type plots
should be further developed to account for problems
such as condensation and recycling. Recycling of CO2 in
ecosystems is an important component of its CO2 budget
and current models need to be tested further. Merging of
isotope ratio analysis with dynamic flux measurements
has only recently been made, and clearly indicates the
need for improved rapid sampling techniques. This re-
search agenda is feasible and worthwhile in light of the
potential benefits and the very few, if any, alternative re-
search tools for investigating ecosystem gas exchange.
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